Abstract. The oxygen isotope ratios of various minerals were measured in a granulite-grade iron formation in the Wind River Range, Wyoming. Estimates of temperature and pressure for the terrane using well calibrated geothermometers and geobarometers are 730_+50~ and 5.5_+ 0.5 kbar. The mineral constraints on fluid compositions in the iron formation during retrogression require either very CO2-rich fluids or no fluid at all. In the iron formation, isotopic temperature estimates from quartz-magnetite fractionations are controlled by the proximity to the enclosing granitic gneiss, and range from 500~ (Aqz_rnt=10.0%o) within 2-3 meters of the orthogneiss contact to 600~ (Aqz-m, = 8.0%o ) farther from the contact. Temperature estimates from other isotopic thermometers are in good agreement with those derived from the quartz-magnetite fractionations.
within 2-3 meters of the orthogneiss contact to 600~ (Aqz-m, = 8.0%o ) farther from the contact. Temperature estimates from other isotopic thermometers are in good agreement with those derived from the quartz-magnetite fractionations.
During prograde metamorphism, the isotopic composition of the iron formation was lowered by the infiltration of an external fluid. Equilibrium was achieved over tens of meters. Closed-system retrograde exchange is consistent with the nearly constant whole-rock d~SOwr value of 8.0 _+ 0.6%0. The greater Aqz-mt values in the iron formation near the orthogneiss contact are most likely due to a lower oxygen blocking temperature related to greater exchangeability of deformed minerals at the contact. Cooling rates required to preserve the quartz-magnetite fractionations in the central portion of the iron formation are unreasonably high (~-,800 ~ C/Ma). In order to preserve the 600~ isotopic temperature, the diffusion coefficient D (for ~-quartz) should be two orders of magnitude lower than the experimentally determined value of 2.5 x 10-16 cm2/s at 833 K. There are no values for the activation energy (Q) and pre-exponential diffusion coefficient (Do), consistent with the experimentally determined values, that will result in reasonable cooling rates for the Wind River iron formation. The discrepancy between the diffusion coefficient inferred from the Wind River terrane and that measured experimentally is almost certainly due to the enhancement of exchange by the presence of water in the laboratory experiments. Cooling rate estimates were also determined for iron formation retrograded under water-rich conditions.
Introduction
Oxygen isotope fractionations between cogenetic minerals are a sensitive indicator of formational temperatures for many rocks. However, temperature estimates in high-grade metamorphic rocks using this method are typically lower than estimates made from other thermometers (e.g. Anderson 1967; Shieh 1974; Rumble 1982; Bowman and Ghent 1985; Valley 1986 ). This discrepancy has been ascribed either to errors in the calibration of the isotopic thermometer or to continued isotopic exchange during cooling.
Possible mechanisms of retrograde isotopic exchange are oxygen self diffusion and recrystallization. The phenomenon of oxygen isotope exchange involves bond breaking and recrystallization, but the term recrystallization is used here to describe a process of solution and redeposition. Exchange between a crystal and a dry gas (e.g. Oz, CO2) must take place by the mechanism of oxygen self-diffusion. Alternatively, the process of recrystallization mobilizes oxygen so that pure oxygen self diffusion is no longer the rate limiting step in retrograde exchange. The relative importance of oxygen self diffusion and recrystallization to retrograde oxygen isotope exchange is difficult to assess, and both probably occur during retrogression in natural systems (e.g. Matthews et al. 1983a; Giletti 1985) . A fluid phase enhances intercrystalline diffusion rates (Griggs ~967, 1974; Blacic and Christie 1984; Simpson and Segall 1984) and may enhance intracrystalline oxygen diffusion as well (e.g. Anderson 1974, 1978; Krylov 1982; Cole et al. 1983; Giletti and Yund 1984) . Therefore, the degree of retrograde exchange is most likely enhanced by deformation and the presence of a fluid phase. The observed isotopic fractionations between mineral pairs are likely to reflect the temperature of deformation (Kerrich et al. 1977) and/or equilibration with retrograde fluids rather than the peak prograde equilibrium partitioning between phases.
In rapidly cooled rocks, diffusion stops, or blocks in, at higher temperatures than in slowly cooled terranes (Giletti 1986a) . The cooling history of a terrane could be constrained if accurate experimental diffusion rates were available, and if the grain size, isotopic ratios, and degree of recrystallization of all minerals were known. In order to evaluate retrograde isotopic effects it is advantageous to investigate a lithology that is both simple mineralogically and has a large isotopic fractionation between coexisting phases. Metamorphosed iron formations satisfy both of these criteria. Granulite facies iron formations consist primarily of quartz, magnetite and pyroxene (or olivine), and the oxygen isotope fractionation between quartz and magnetite is larger than for any other c o m m o n mineral pair (O'Neil 1986) . Oxygen isotope measurements were made on coexisting minerals obtained from granulite facies banded iron formation in the Wind River Range, Wyoming, in order to assess the degree of recrystallization and fluid migration during retrogression, and to evaluate the feasibility of stable isotope methods for estimating cooling rates.
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Geology of the iron formation at Rocking Horse Lake
The Wind River Mountain Range in western Wyoming consists of a large northwest trending Archean block bounded by the Wind River fault to the southwest (Berg and Romberg 1966; Smithson et al. 1980 ) and a thick sequence of Paleozoic sediments to the northeast (Richmond 1945) (Fig. 1) . The crystalline basement consists predominantly of granitic gneisses and migmatites that are crosscut by pegmatites and intruded by granitic plutons (Oftendahl 1953 ) dated at 2550--2700 Ma (Bassett and Giletti 1963; Naylor et al. 1970; Stuckless et al. 1985) . Throughout the range, there are small blocks or lenses of amphibolites, peridotites, metagabbros, quartzites, paragneisses, and banded iron formations hosted in the orthogneiss (Worl et al. 1984) . The iron formation, or taconite, considered in this study was described by Worl (1968) and consists of dismembered blocks or boudins of metamorphosed banded iron formation hosted by extensive migmatitic orthogneisses. This iron formation surrands Rocking Horse Lake (U.S.G.S. topographic map. Gannet Peak Quadrangle, 1 : 100000 series, 1978), and is preserved as a group of lenticular pods, ranging from < 1 meter to several hundred meters in length and tens of meters in width. Primary sedimentary bedding is preserved as pyroxene-, magnetiteand quartz-rich layers, and parallels the elongate direction of the iron formation boudins (Fig. 2) , The iron formation consists mainly of quartz, orthopyroxene and magnetite, with lesser amounts of plagioclase, olivine, garnet, clinopyroxene, hornblende, biotite, potassium feldspar and grunerite. At the contact between the orthogneiss and iron formation there is occasionally a poorly preserved biotite reaction rind 2-7 cm thick. The orthogneiss consists of leucocratic and melanocratic components, resulting in a migmatitic layering parallel to the elongate direction of the iron formation boudins. The felsic portion consists predominantly of quartz, plagioclase and potassium feldspar, with lesser amounts of biotite, hornblende and cummingtonite. Orthopyroxene is preserved within 5 centimeters of the iron formation. The melanocratic portion of the migrnatite is predominantly hornblende and plagioclase. There are minor pegmatites, but no late granitic plutons in the immediate vicinity of the iron formation at Rocking Horse Lake.
Peak metamorphic conditions were determined using well calibrated geothermometers and geobarometers (Sharp and Essene 1984) . Temperature estimates are 730-L-50~ C based on two-feldspar thermometry (Haselton et al. 1983) , garnet-clinopyroxene exchange thermometry (Ellis and Green 1979) and garnet-orthopyroxene tbermometry (Sen and Bhattacharya 1984; Lee and Ganguly t988) . Pressure estimates are 5.5+_0.5 kbar at 730~ based on the equilibrium assemblages orthopyroxene-quartz-olivine (Bohlen and Boettcher 1981) , garnet-quartz-orthopyroxene-plagioclase (Bohlen etal. 1983a ), garnet-aluminosilicate-quartz-plagioclase (Koziol and Newton 1986 ) and garnet-rutile-quartz-sillimanite-ilmenite (Bohlen 1983c) .
The presence and composition of a retrograde fluid is strictly limited by a combination of various mineral stabilities. Preserved pyroxene and a lack of grunerite constrains H20 activities by the reaction The stability field of this reaction was determined using the heat capacity data of Bohlen et al. (1983 b) Compositions of coexisting grunerite (gr76) and orthopyroxene (fs81) and simple ideal mixing models allow calculation of the mole fraction HzO, which must be less than 0.4 at 600 ~ C and 0.2 at 500 ~ C (Fig. 3) . The maximum stability of graphite was calculated following the procedure of French (1966) for the fO2 constrained by the buffering assemblage ferrosilite-magnetitequartz. The lack of grunerite and graphite place strict limits on the chemistry of the retrograde fluid (Fig. 3) . At 600 ~ C, a COz-rich fluid is required to preserve pyroxene and at 500 ~ C rapid decompression and a very COz-rich fluid phase is required to preserve pyroxene and not stabilize graphite (Fig. 3) . Alternatively, if the terrane was dry (/~ Ptotal) during retrogression, the preserved mineralogy in the iron formation would have remained stable over a wide range of pressures and temperatures. The fluid inclusions in the iron formation at Rocking Horse Lake are too small to study optically, and cannot be used to test the above alternatives. There are several small (< 1 meter) iron formation boudins that have been totally hydrated. All pyroxene in these lenses has been converted to coarse grunerite, and these samples may have been saturated with respect to a water-rich fluid during retrogression.
Analytical procedures
Oxygen isotope measurements were made of mineral separates and whole-rock samples using the chlorine trifluoride extraction procedure of Borthwick and Harmon (1982) . Sample sizes were chosen so as to liberate about 160 btmol of 02 gas (e.g. 10 mg quartz). 
Oxygen isotope results
Hand samples were collected on traverses made perpendicular to bedding across iron formation boudins, and included the enclosing granitic gneiss. The 6 180 values were determined on selected separates of magnetite (mt), pyroxene (px) and garnet (gt) within the iron formation and on whole rock (wr) samples in both the iron formation and the orthogneiss. The 618Oqz was determined for all samples (Table 1). The 618Owr values are remarkably uniform at 8.0+0.6%0 in both the orthogneiss and iron formation. Isotopic ratios of quartz and magnetite vary within the iron formation, and are related to distance from the orthogneiss. Data for traverses across two boudins are plotted in Fig. 4 . The 618Oqz values in the orthogneiss are 9.3 + 0.3%o, with several samples lying outside this range. The 518Oqz values in the iron formations are 10.8_+0.2%o within 2-3 meters of the orthogneiss contact and drop to 10.0+0.2%o in the central portion of the iron formation. The profile of the 51SOmt data is opposite to that of the quartz data, with 6180 values of 0.9 + 0.1%o near the orthogneiss contact and increasing to 1.9___ 0.3%0 in the central portions of the iron formation.
Temperature estimates based on the isotopic fractionation between quartz and magnetite (Aqz-mt) were determined using the calibration of Matthews etal. (1983b) based on the quartz-water fractionation calibrations of Matsuhisa et al. (1979) and a revised magnetite-water calibration of O'Neil (1963) ( Table 2 ). The isotopic data for this mineral pair correspond to 500~ at the margin of the iron formation and 600~ in the central portion of the iron formation. Temperature estimates from other mineral pair fractionations are similar (Fig. 5 , Table 2 ).
The isotopic data for the two small iron formation lenses inferred to have retrograded under water-rich conditions (Traverses 1 and 5) are given in Table 1 . The 618Oqz data for Traverse 5 are nearly constant in both the granitic gneiss and the iron formation. The ~18Oqz data for Traverse 1 are more erratic, ranging from 9-10%o in the orthogneiss and 10-11.5%o in the iron formation. Isotopic temperature estimates from quartz-magnetite fractionations are uniformly low at 510-550 ~ C.
Prograde isotope exchange

Pre-metamorphic conditions
There is no way to completely characterize the isotopic systematics that preceded peak metamorphism because of limited constraints that can be placed on the isotopic compositions of the unmetamorphosed precursors. Even in the least metamorphosed iron formations it is not possible to completely reconstruct the original mineralogy of the unmetamorphosed equivalent (Klein 1983 ). The two most common iron formation types, the carbonate facies and silicate-oxide facies, have very similar major and trace element chemistries (Davy 1983) , differing predominantly in the amounts of CO2 and H20. During metamorphism, these volatiles are lost, making distinction of the precursor impossible. However, the final isotopic composition of a granulite facies iron formation will be very similar regardless of which sequence of prograde metamorphic reactions is followed, so that the degree of exchange and fluid infiltration accompanying metamorphism can be evaluated.
In the silicate-oxide facies iron formations, the predominant mineralogy of the lowest facies iron formations consists of chert, magnetite, and hematite, with lesser amounts of hydrated iron silicates (greenalite or minnesotaite). A rough estimate of the c~ 1 so,~ of an unmetamorphosed iron formation can be made if the mineralogy is considered to consist only of quartz and magnetite (maximum 35wt.%Fe). For typical pre-metamorphic values of Table 1 . Oxygen isotope data for four separate traverses across iron formation boudins (1, 2, 5, 7). Two traverses were made across boudin 1 (A-M, 1-8), and three traverses were made across boudin 2 (A-R, 1-13, T-Z). Abbreviations: wr-whole rock, qz-quartz, * GG = Granitic gneiss, BIF = Banded iron formation ** distance in meters from nearest lithologic contact 518Oqz=20 to 24~o and c~18Om,=-13 to -9~o (Perry et al. 1978) , the C~8Owr is 13--17~o. The conversion of the hydrated silicates to pyroxene will not lower the 6~8Owr to the present value of 8%~ as the fractionation between the silicate and vapor phase is very small at high temperatures. Similarly, the formation of pyroxene from quartz and magnetite could only lower the c~18Owr if the 6t80 of the evolved oxygen were very high.
In the carbonate facies, the potential isotopic shifts caused by decarbonation of iron carbonates during metamorphism must be considered. The 518Owr could be lowered by fractionation during decarbonation reactions, but the maximum shift in the ~ ~8Owr from the reaction FeCO3 + Fe203 = Fe304 + CO2 (4) siderite hematite magnetite is small because the maximum amount of siderite and hematite is governed by the constraint of no more than 35 total wt%Fe in the iron formation. The greatest possible reduction in the 6 lSOwr will be only 2~o assuming ideal Rayleigh fractionation conditions (e.g. Valley 1986 ). Clearly, infiltration of an external metamorphic or magmatic fluid is required to explain the reduced 618Owr values preserved in the granulite facies iron formation.
Peak-metamorphic conditions
The isotopic compositions of minerals during peak metamorphism could be used to evaluate the degree of isotopic homogenization and the scale of fluid infiltration if these data could be recovered. Unfortunately, isotopic compositions reset during cooling, and the 6180 value of any mineral at peak metamorphic conditions can never be determined with certainty. However, these data can be estimated if the present isotopic composition of each mineral and the mineral modes are known, and if it is assumed that neither the mode nor 618Ow~ has changed during retrogression. First, Table 1 the whole rock value can be calculated (or measured). Under closed system conditions, the equilibrium 5180 of all minerals can be calculated at any temperature if the fractionation factor for each mineral pair is known. While the isotopic value for each mineral in every sample was not measured, they could be calculated by assuming that all minerals in samples from the marginal portions of the iron formation equilibrated at 500 ~ C and minerals in samples from the center of the iron formation equilibrated at 600 ~ C. The 6 ~8Owr calculated from the sum of the separate mineral values is slightly higher than the measured 5XSOw~ in most cases (Table 3 ). The calculated data are preferred, due to the difficulties associated with incomplete sample reaction during whole rock analysis and contamination by late (surficial) oxidation of the whole rock samples. Using the calculated whole-rock data in Table 3 , the isotopic composition of each mineral at 730~ was estimated. These estimates must be used with caution due to the compounded uncertainties in making such calculations, but they are nonetheless useful in understanding the prograde history of the terrane. The calculated 518Oqz values at 730 ~ C in most samples of the iron formation are nearly constant at 8.7-9.6T~ (ave. 9.2+_0.3) (Table 3) , and are very similar to those of quartz in the surrounding orthogneiss (9.0-9.6%0) (ave. 9.4_+0.4). These data are consistent with isotopic equilibration during peak metamorphism over tens of meters. The nearly constant whole-rock isotopic values in the iron formation and the surrounding orthogneiss would be expected if large-scale fluid exchange was operative during peak metamorphic conditions. During retrogression, the degree of equilibration was much more localized. The 5 ~ 8Oqz values in adjacent quartzrich and magnetite-rich layers within a single sample are identical within the precision of the measurements. However, variations are clearly preserved on the meter scale, both within the iron formation and between lithologies. If the peak metamorphic fluid was driven off by upward migration or incorporation into a melt phase, a drying of the terrane would result, with an accompanying reduction in the scale of isotopic re-equilibration.
Retrograde isotopic exchange: Open system
Open system isotopic exchange of the iron formation involves the introduction of a fluid or melt phase during retrogression. Open system fluid infiltration into the marginal portions of the iron formation may be used to explain the observed isotopic data (Fig. 4) but must satisfy a strict set of isotopic and mineralogical constraints: the 51 SOw r must remain constant; the 518Oqz must increase; the 5~8Omt must decrease; and orthopyroxenes must not be hydrated. These conditions could be satisfied by the introduction of a CO2-rich fluid that did not change the overall 6180~r, but preferentially exchanged with one or more minerals and not others (e.g. Gregory 1986 ). This very specific interpretation is not likely in view of the evidence for closed system exchange presented below.
Retrograde isotopic exchange: Closed system
Oxygen isotope fractionations between metamorphic minerals that imply low formation temperatures could be due to any of the following causes: 1) calibrations of the mineral-pair fractionation factors are incorrect, and the mineral fractionations are actually blocking in at the peak metamorphic temperatures; 2) recrystallization and exchange take place during retrogression, and the isotopic fractionations between minerals record the final recrystallization temperature and; 3) resetting occurs by intracrystalline oxygen diffusion, and the observed fractionations are dependent on the oxygen self-diffusion coefficients and the cooling rate of the terrane. These are treated in order below.
Errors in mineral-pair fractionation factors
Improperly calibrated fractionation factors cannot explain the low isotopic temperature estimates in the iron formation at Rocking Horse Lake boudins, because, regardless of the calibration, the fractionations between mineral pairs in the central and marginal portions of the iron formation are different. Even if the isotopic ratios of all minerals in the 
Deformation-enhanced recrystallization and exchange
Stress-related deformation and recrystallization occurring at 500 ~ C could explain the observed isotopic ratios in the outer portion of the iron formation. Under the petrographic microscope, quartz grains in the margins of the iron formation appear more deformed, as evidenced by ragged boundaries, varying grain sizes, formation of subgrains and strong undulose extinction. Quartz grains in the central portion of the iron formation are more equant, have sharper grain boundaries, and only a weak undulose extinction (Fig. 6 ). There is a perfect correspondence of samples with strained quartz and lower isotopic temperatures. In the adjacent migmatite/orthogneiss, quartz does not show this same degree of recrystallization, although direct comparison of the two units is complicated by the different mineralogies.
Deformation and recrystallization of the iron formation within meters of the orthogneiss contact may be explained by differential thermal contraction of the two lithologies, by shearing during boudinage, or by exsolution of a fluid from the orthogneiss during cooling (Savage 1978; Schedl et al. 1986 ). Kerrich et al. (1977) found that the transition from intercrystalline diffusion to intracrystalline dislocation in a mylonite occurred between 450 and 500 ~ C. The transition from brittle to ductile behavior is controlled by grain size, strain rate and water fugacity (e.g. Griggs 1974; Bell and Etheridge 1976) and may occur over a wide temperature range (Simpson 1985) .
The isotopic profiles in Fig. 4 can be explained solely by the process of deformation-enhanced recrystallization and exchange if deformation occurred down to 500 ~ C in the marginal parts of the iron formation boudins, but only 600 ~ C in the central parts of the iron formations. All signs of high temperature (i.e. > 600 ~ C) deformation may have been lost by annealing and only the parts of the iron forma- tion which were deformed at lower temperatures would preserve deformation features (e.g. Etheridge et al. 1983) . The presence of water greatly enhances recrystallization rates in quartz (Hobbs 1968) . If a fluid had been present during deformation, quartz grains would probably be totally recrystallized at temperatures of 500 ~ C.
Oxygen self diffusion
Intracrystalline self diffusion of oxygen has been measured for many silicates and oxides (e.g. Castle and Surman 1969; Muehlenbachs and Kushiro 1974; Gitetti and Anderson 1975; Giletti et al. 1978; Yund and Anderson 1978; Freer and Dennis 1982; Matthews et al. 1983a; Giletti and Yund 1984; Dennis 1984; Farver and Giletti 1985 ; Giletti 1986 b; Elphick et al. 1986 ). The effect of fluids on oxygen diffusion rates has been clearly demonstrated for some phases (e.g. silica, Spitzer and Ligenza 1961 ; feldspar, Yund and Anderson 1978) . The effect of water on quartz is not clear (e.g. Giletti and Yund 1984; Dennis 1984; Elphick et al. 1986 ), but if aqueous fluids do enhance diffusion rates in quartz, the profile observed in Fig. 4 could be explained by fluids evolved from the granitic gneiss during cooling (e.g. Konnerup-Madsen 1979; Sandiford and Wilson 1984; Waters and Moore 1985) which then penetrated the outer portions of the iron formation. Diffusion in the dry core would be slower than in the fluid-saturated margins. Although H 2 0 -rich fluids introduced at < 600 ~ C would hydrate the pyroxenes and are ruled out (Fig. 3) , COz-rich fluids are compatible with the preserved mineral assemblages and may enhance diffusion rates similarly to water-rich fluids. The cooling rate required for self diffusion to continue down to a given isotopic blocking temperature may be calculated if the following are known: 1) The equilibrium isotopic fractionations between all minerals, 2) the diffusion rates in each mineral, and 3) the average grain size of each mineral (Dodson 1973; Giletti I986a) . If the cooling rate necessary to allow oxygen exchange to continue down to 600 ~ C is unreasonably slow, then oxygen self diffusion cannot contribute significantly to resetting the isotopic values in metamorphic rocks.
In a two phase, closed system composed of a more refractory mineral a and a less refractory mineral b, the effect of self diffusion is controlled by the diffusion rate in the more refractory mineral a. At very high temperatures a and b will be in isotopic equilibrium, and equilibrium will be maintained down to lower temperatures under conditions of slow cooling. At some reduced temperature, the diffusion rate of oxygen in a will be so low that exchange effectively ceases, and the composition of a is fixed at that temperature. The diffusion rate of oxygen in b at the closure temperature of a may still be high, but b has nothing to exchange with and its isotopic composition is also fixed at the blocking (or closure) temperature of a. Therefore, the observed isotopic fractionation between a and b will correspond to the temperature at which a closed to further exchange. Because the diffusion rate of minerals is exponentially dependent on temperature, the temperature range over which diffusion effectively stops is small and can be treated as a single temperature for the purposes of calculations (Dodson 1973) .
The iron formation at Rocking Horse Lake consists principally of quartz, magnetite and orthopyroxene. By analogy with the very slow diffusion rates in hornblende (Farver and Giletti 1985) , it is assumed that the blocking temperature for oxygen diffusion in pyroxene is higher than either in quartz or magnetite. At temperatures below the blocking temperature for pyroxene, the iron formation may be treated as a binary system of quartz and magnetite. If magnetite continued to recrystallize and deform to temperatures below 500 ~ C, quartz diffusion would be the limiting factor in the exchange rate for quartz-magnetite fractionation. Magnetite deforms plastically down to low temperatures (Siemes 1974; Hennig-Michaeli and Siemes 1975) and is interstitial to quartz and pyroxene in the Wind River iron formations, supporting the argument for low-temperature magnetite recrystallization. Fine exsolution of later hercynite and ilmenite in magnetite provides further evidence for late magnetite recrystallization. For closure of pyroxene at high temperatures and magnetite at low temperatures, the final Aqz-mt value will be controlled by the closure temperature of quartz. The following calculations were made to test whether isotopic self diffusion is an effective mechanism to explain isotopic resetting, or whether wholesale recrystallization must play a significant role in isotopic resetting of high temperature metamorphic terranes.
Cooling rates were determined by rearranging (23) of Dodson (1973) to the form
where A = diffusional anisotropy parameter (8.7 for a infinite sheet), R= gas constant, Tc =isotopic closure temperature, Do = pre-exponential diffusion coefficient, a = half the thickness of the mineral grains (for an infinite sheet) and Q= activation energy. A linear variation of I/T is assumed over the temperature interval during which time closure takes place, and the mineral of interest (quartz) is assumed to have equilibrated with an infinite reservoir. The latter assumption is reasonable if intercrystalline diffusion is much more rapid than intracrystalline diffusion, and equilibrium between phases is maintained at the interface. The identical 61 sOn z values in coexisting quartz-rich and magnetite-rich layers is evidence for rapid intercrystalline diffusion and equilibration over a scale of at least several centimeters. All data using the above equation are given in Table 4 . Cooling rate estimates in ~ are plotted in Fig. 7 for different temperatures and grain sizes. More rapid cooling rates would result in higher blocking temperatures, while slower cooling rates would permit diffusion to continue down to lower temperatures.
Cooling rates were also calculated assuming that magne-497 
* all quartz data parallel to c.
1. Farver and Giletti (1985) ; 2. Castle and Surman (1969) , Giletti (1986b); 3. Dennis (1984) ; 4. Giletti and Yund (1984) ; 5. Elphick et al. (1986) ; 6. This study (calculated for dry diffusion) Eq. 5. Curves a, c and e are for e-quartz using the diffusion data of Giletti and Yund (1984) for a grain radius of 1.0, 0.1 and 0.05 cm, respectively. Curve d uses the diffusion data of Elphick et al. (1986) for a grain radius of 0.1 mm. Curve b is for magnetite at 0.1 mm using the combined data of Castle and Surman (1969) and Giletti (1986b) tite did not undergo recrystallization. In this case, the blocking temperature of magnetite is slightly higher than that of quartz and the magnetite diffusion rate will control the Aqz-mt values. This difference does not significantly affect the cooling rate estimates (Fig. 7) , and the following arguments hold regardless of whether quartz or magnetite is chosen as the rate-limiting mineral for diffusion-controlled exchange.
The calculated cooling rates required to preserve isotopic temperatures of 600 ~ C in grains with a radius of 0.5-1.0 mm are > 800 ~ C/Ma (Fig. 7) . Compared to cooling rate estimates of 1-10 ~ C/Ma in similar granulite terranes using 4~ methods (e.g. Berger and York 1981 ; Martinez and York 1986; Cosca et al. 1987) , the calculated cooling rates using stable isotope methods are unreasonably fast. This conclusion is independent of the complexity of metamorphism in the Wind River Range. If the experimentally determined diffusion rates are appropriate for application to natural assemblages, the record of high temperature isotopic fractionations in the central portion of the iron formation could only be preserved if cooling below 600 ~ C was extremely rapid. If the final cooling rate below 600 ~ C was slow, then re-equilibration by the process of oxygen Fig. 8 . Values of Q plotted against cooling rate using Eq. 7. At 0.1 cm grain radius and 600 ~ C, a minimum cooling rate of 800 ~ C is reached when Q= 163 kJ/mol. Decreasing the grain radius to 0.05 cm results in a higher minimum cooling rate. Isotopic temperatures of 500~ are easily obtainable in geologically reasonable time for a grain radius of 0.1 cm. See text and Table 2 for sources of data self diffusion would preserve isotopic fractionations corresponding to less than 600 ~ C. Recrystallization would not alleviate this discrepancy, as it would only enhance the rate of exchange and re-equilibration.
Experimentally determined diffusion coefficients for equartz were necessarily measured below the c~-fl quartz transition (573~ C at I bar; 599~ at I kbar; Cohen and Klement 1967) . The diffusion data of Dennis (1984) , Giletti and Yund (1984) and Elphick et al. (1986) are in good agreement in the range 550-595 ~ C, but are measured over too narrow a temperature range to define an accurate activation energy (Q) and a preexponential diffusion coefficient (Do) (Elphick et al. 1986) . Given an accurate value for Dr of 2.5 x 10-16 cm2/s at 833 K (determined from an average of the experimental data), the constants Q and Do can be uniquely defined by combining Eq. (1) dtQa2e (~176
The variable T, is the temperature for the value of D used in Eq. 6, and the other symbols are equivalent to those in Eq. 5. For a cooling rate of 1 10 ~ C/Ma there is no value of Do and Q that will result in a cooling rate of 1-10 ~ C/Ma using the experimental data in Table 4 . A minimum cooling rate of 790 ~ C/Ma is reached when Q= 163 kJ/mol and Do=l.Sx]0 -7 for the conditions T~=600 ~ C, Ds33,:= 2.5 x 10 -16 cm2/s, and a=0.1 cm (Fig. 8) . In order to preserve the 600 ~ C isotopic temperature and have a cooling rate of 10 ~ C/Ma, Ds33~: must be two orders of magnitude lower (2.5 x 10 -is cm2/s) than the experimentally determined value. Even if magnetite blocked in before quartz, the cooling rates are still more than an order of magnitude too rapid (Fig. 7) . This discrepancy may be related to the effect of water on diffusion. If there is a positive correlation between the diffusion rate of oxygen in quartz and water pressure then it is certainly conceivable that diffusion under dry conditions is slow enough to preserve high temperature fractionations.
Cooling rate estimates for the two iron formations retrograded under water-rich conditions and preserving 500 ~ C isotopic temperatures are 10-40 ~ C/Ma. These cooling rates are consistent with the experimental diffusion data and suggest that water enhances the diffusion rate of oxygen in quartz under water-present conditions. However, late deformation in these small, water-saturated boudins may instead account for the low isotopic temperatures. Giletti and Yund (1984) determined that the diffusion rate of oxygen in t-quartz is dependent on water fugacity, and that the diffusion coefficient D#quart z at 1 barfH20 is I log unit (cmZ/s) less than at 1 kbar. Dennis (1984) performed similar experiments and found no such correlation. Both of these experiments considered the diffusionaI interface between the polished surface of quartz and an 180_enriched hydrothermal fluid. Elphick et al. (1986) were concerned with submicron recrystallization at the quartz-fluid interlace in the earlier experiments, and they avoided the problem by measuring the diffusion profile between a polished quartz face and an 180.enriched quartz overgrowth. Unfortunately, the experiments of Elphick et al. (1986) were run at 1 kbar only and cannot be used to eliminate the discrepancy between the two earlier experiments.
Discussion
No strong correlation between the pressure (or fugacity) of water and diffusion rate was observed in any recent diffusion experiments on quartz using secondary ion mass spectrometry (SIMS) techniques (Dennis 1984; Giletti and Yund 1984; Elphick et al. 1986 ). In contrast, a strong effect of water pressure on the diffusion rate of oxygen in feldspar has been observed. Yund and Anderson (1978) found the diffusion rate of oxygen in adularia to be linearly dependent on water pressure above 200 bars, and drop off substantially below 200 bars. A smaller dependence was observed in more recent experiments over a wider pressure range (Dennis and Freer 1986 ). Dry exchange experiments on anorthite (Muehlenbachs and Kushiro 1974; Elphick and Dennis 1986 ) correspond to diffusion rates several orders of magnitude less than for hydrothermal conditions (Giletti et al. 1978) . Oxygen diffusion rate estimates in quartz exchanged with CO2 (or 02) using neutron activation (Choudhury et al. 1965 ) and bulk exchange (Schachtner and Sockel 1977) are also much lower than those exchanged with H20. Unfortunately, the experimental methods used for dry diffusion experiments are less precise than the SIMS method, and the two cannot be compared directly (Dennis 1984) . While there is disagreement between the diffusion studies, it appears that the presence or absence of water has a more dramatic effect on diffusion than do actual variations in water pressure.
The pressure dependence observed in diffusion experiments between amorphous silica and 180-enriched steam is attributed to interstitial water entering the lattice and exchanging with bound oxygen by the formation of Si-OH-OH-Si bonds (Spitzer and Ligenza 1961) . The void volume in quartz is significantly less than in amorphous silica, and the importance of interstitial water may be much less. If water or hydrogen is the principal catalyst for oxy-gen diffusion in quartz, rocks metamorphosed under CO2 or fluid-absent conditions would equilibrate at a much slower rate than rocks metamorphosed in the presence of a water-rich fluid. Retrogression in most of the iron formation at Rocking Horse Lake occurred under either dry conditions or in the presence of a CO2-rich fluid. Only the small iron formation lenses show any evidence of late waterrich fluids. If CO2, like H20, enhances the diffusion rate of oxygen, then isotopic temperatures of 600 ~ C in the central portion of the iron formation could not be preserved if a CO2-rich fluid was present, and the metamorphism must have occurred in the absence of a fluid phase. If CO2 does not enhance oxygen diffusion rates as water does, then the preserved isotopic fractionations in granulites can be used as a sensor of a water-rich fluid,
Conclusions
Recrystallization appears to drive low-temperature isotopic re-equilibration in the marginal portions of the iron formation at Rocking Horse Lake, but the effect of oxygen self diffusion may account for the retrograde metamorphic temperatures in the central, "undeformed" portion of the iron formations. Oxygen self diffusion alone would result in isotopic fractionation temperatures of < 500~ if the experimentally determined diffusion coefficients are correct. The diffusion coefficient D must be significantly less than the measured value in order to preserve fractionations corresponding to 600 ~ C. A pronounced effect on the diffusion rate by a fluid phase probably accounts for this discrepancy, and this conclusion is independent of the complexity of the terrane. No matter how many metamorphic events were operative in the Wind River terrane, isotopic fractionations corresponding to 600~ temperatures could only be preserved if the final cooling event was as rapid as 800 ~ C/Ma.
The results of this study suggest that recrystallization and diffusion under fluid-present conditions may explain the low "isotopic temperatures" observed in virtually all granulite facies rocks. Once the effect of fluids and deformation are unraveled, oxygen isotope fractionations can be used to indicate fluid presence and elucidate retrograde deformation histories in amphibolite-and granulite facies rocks. Further work is required to determine the effects of fluids on oxygen self diffusion rates. Because diffusion under dry conditions may be very slow, laboratory experiments might not be practical. Metamorphic lithologies that constrain fluid compositions or were necessarily dry should be investigated to evaluate the effects of fluids. An isotopic study of a lithology increasing from fluid-present amphibolite-to fluid-absent granulite facies may potentially resolve the effect of fluids on diffusion rates. Iron formations are ideal lithologies for these studies because the oxygen isotope fractionation between the principal minerals, quartz and magnetite, are sensitive to changes in temperature.
